Classnote – 5:

The Atmosphere

1. The Atmosphere


Origin of the Atmosphere

· The atmosphere has not always consisted of the same, now relatively stable, mixtures of gases.   

· The earth was formed 4.5 to 5.0 billion years ago (4.6 billion years as quoted by several authors) when the solar system condensed out of an interstellar cloud of gas and dust, known as the “primordial solar nebula”.

· Initially, the earth was a molten spheroidal mass with surface temperatures in excess of 8,000 K.  

· When earth started to cool gases continued to escape from the earth gravity.  Gases were gradually released from beneath the earth surface (degassing or out gassing).  Thus, the ancient atmosphere is believed to contain the same gases as released during volcanic eruptions.

1.2

History of the Atmosphere

· First atmosphere: When the earth was formed some five billion years ago, it was probably too hot to retain any of the atmospheres it had to begin with. The first atmosphere probably consisted of helium, hydrogen, ammonia and methane.  These are lighter and rare gases on earth.  Eventually much of the gases escaped into the space for the lack of gravity at the early stage of earth development.

· Second Atmosphere: The earth couldn't hang on to its primordial atmosphere.  Out gassing from the earth surface released carbon dioxide, nitrogen, and water vapor with trace amount of hydrogen.  In the mean time, earth continued to cool down. Gases produced were probably similar to those created by modern volcanic eruptions (H2O, CO2, SO2, CO, S, Cl2, N2, H2, NH3, and CH4) but with no O2 at this time (also not found in volcanic gases).  Water started to fill the earth surface by water vapor condensation.  The vast amounts of water vapor expelled by the volcanic earth resulted in the formation of clouds, which, in turn, produced rain.  Over a period of thousands of years, the rain accumulated as rivers and lake and ocean basins 
· Modern Atmosphere: Condensation of water removed carbon dioxide from the atmosphere and deposited to earth as carbonated compounds.  Nitrogen became the dominant gas in the atmosphere.  About 2 billion years ago, earth plants (life form) began photosynthesis, converting CO2 plus sunlight into oxygen.  Eventually, the atmosphere became more stable at 21 percent oxygen in the atmosphere

2.
Structure of the Atmosphere

The gaseous (air) portion surrounds the earth and bounds to it more or less by virtue of the earth's gravitational attraction.  It starts from the earth surface and extends approximately 100 km in the zenithal direction.  It can be divided into lower and upper regions.  Study of the lower region is known as meteorology and study of the upper region is known as aeronomy.  In general, the atmosphere is characterized by the temperature and pressure variation.  There are five layers of the atmosphere:

Troposphere: 0 - 10 km, decreasing temperature with height, rapid vertical mixing.


Planetary (atmospheric) boundary layer:  0 - 1 km


Free troposphere:
1 - 10 km. 

Note: Commercial jetliners typically cruise at an altitude of 13 km (40,000 ft above sea level).

Stratosphere: 15 - 50 km, increasing temperature with height, slow vertical mixing

Mesosphere: 55 - 90 km, decreasing temperature with height, rapid vertical mixing

Thermosphere: 95 - 500 km, increasing temperature with altitude, rapid vertical mixing

Exophere: >500 km, outermost region of the atmosphere.

3.
Chemical Composition of the Atmosphere

The atmosphere is composed primarily of nitrogen, oxygen, and several noble gases.  The composition of the atmosphere is not constant, although it remains remarkably stable over time, it varies from time to time and from place to place.  Oxygen and nitrogen account for more than 99 % of the volume of atmosphere, they are of little importance in affecting the weather phenomena.  Carbon dioxide, carbon monoxide, hydroxyl radical, methane, water vapor, and many made-made chemicals contribute more to the global weather phenomena.  Seinfeld and Pandis categorized the species into accumulative and nonaccumulative (or quasi-equilibrium) gases based on the species' mass retained in the atmosphere and ocean and that deposited on the earth as sediment.  For accumulative gases (mass in the atmosphere and ocean > mass deposited on the earth), most of the mass remained in the atmosphere.  For nonaccumulative gases (mass in the atmosphere and ocean < mass deposited on the earth), only a small amount of the gases exist in the atmosphere and the levels are determined by processes resulting in quasi-steady-state conditions.  

4. Water in the Atmosphere
Water can exist simultaneously in the atmosphere in three different phases, vapor, liquid, and solid.  Partitioning among the three phases continue to occur as water molecules constantly move in both direction across the interface of two phases.  Due to the large latent heat of vaporization, water plays an important role in the energy balance of the earth (the mechanism to transmit energy from one region of the earth to another) and also the global greenhouse warming effect.

· Latent Heat of Vaporization   

The minimum energy that is needed to evaporate a molecule from a liquid surface.  The physical process by which a liquid or solid is transformed to the gaseous state is called evaporation or vaporization.  

· Latent Heat of Sublimation   

The minimum energy that is needed to evaporate a molecule at the surface of ice.

· Condensation
The reverse process of evaporation.

· Vapor Pressure
The pressure exerted by the molecules of a given vapor.  Each separate constitute of the gas has its own contributing pressure and the pressure is called “Partial Pressure”.  Each constituent will continue to evaporate (i.e, more molecules will move from liquid or solid phase to vapor phase) until it reaches its vapor pressure limit.

· Saturation Vapor Concentration
When the constituent reaches its partial pressure limit the density of the constituent in the air has reached its saturation vapor concentration.  It is obvious that the saturation vapor concentration is a strong function of temperature and pressure.

· Absolute Humidity
If the constituent is water, then the water vapor density in the air is called the absolute humidity.

· Relative Humidity
At a given temperature, the absolute humidity (or the saturation water vapor concentration) can be determined.   However, in the atmosphere, the water vapor does not always reach the saturation condition due to the availability of water.  The fraction of the saturation water vapor concentration represented by the actual water vapor concentration is called the relative humidity.

· Specific Humidity
The ratio of mass of water vapor to mass of dry air and water vapor is called specific humidity.

Specific Humidity = 0.622 (water pressure/air pressure),

where the constant 0.622 is the ratio of the molecular weight of water to that of air.

· Dew Point
The dew point is the temperature at which air would become saturated if the moisture content is unchanged.  Because the temperature uniquely determines the saturation vapor concentration, therefore, the relative humidity can be determined if the dew point is known.

· Supersaturation
Supersaturation exists when the relative humidity is greater than 100 percent.  That is when the atmosphere contains more water vapor than is needed to produce saturation with respect to a plane surface of pure water or pure ice.  Supersaturation develops when a parcel of warm air moves upward into a colder environment where the saturation vapor pressure decreases as the temperature decreases.  However, in the absence of water surface and condensation nuclei or any wettable surfaces, phase change from vapor to liquid cannot take place due to the free energy barrier imposed by the surface free energy of the embryonic droplets.  Humid air can be expanded in cloud chambers to relative humidity of the order of 400 percent without any condensation taking place in an environment purified from all foreign nuclei.

· Wet-bulb Temperature
Adding water vapor into the air will reduce the air temperature because evaporation would absorb a large quantity of heat due to the large latent heat of vaporization of water.  On the other hand, adding water vapor into the air will increase the relative humidity and therefore increases the dew point.  The process can be continued until a temperature such that air is saturated with water vapor and no more water can be evaporated into the air.  The final temperature that the process eventually reaches is called a wet-bulb temperature.

· Dry-bulb Temperature
Dry-bulb temperature is the temperature in the air relative to the wet-bulb temperature.  It is the same as the air temperature.

Example:
If water vapor has a capacity of 20 g water per 1 kg of air at 20 oC in El Paso.  If the relative humidity was 40 % during a spring afternoon when the temperature was 20 oC, what is the corresponding absolute humidity (in g of water/m 3 of air)?

Solution:


Water vapor = 20 g of H2O/1 kg of air, at 20 oC


Specific humidity = 20 g water/kg of air


Relative humidity = 40 % of specific humidity
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At 0 oC, dry air has a density of 1.29 kg/m 3
Hence, at 20 oC, the dry air density is 1.29 (273 K/293 K) = 1.199 kg/m 3
The corresponding absolute humidity would therefore be:
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5.
Energy Balance of the Earth
The sun provides the only energy source accounted for all activities on earth.  The balance between incoming and outgoing radiant energy is called the energy balance or heat balance of the earth and is responsible for maintaining an environment which is hospitable for life as we know it.  Energy is transported by three mechanisms - conduction, convection, and radiation.  The energy is distributed unevenly on earth because of topological features, vegetative covers, various water bodies, and various surface reflections.

· Solar Constant   

The solar constant represents the rate at which solar energy is received outside the earth atmosphere on a surface normal to the incident radiation, and at the earth’s mean distance from the sun.  

· Albedo   

The fraction of incident light which is reflected or scattered from an object is called “albedo”.  Dry clean snow surface has an albedo of 80 -90 % while asphalt road surface has low albedo of 5 to 10 %.

5.1
General Circulation
The average pattern of air movement over the entire globe is called the general circulation of atmosphere.  It is primarily caused by the energy distribution on the earth.  Direct heating by the sun at the equator creates upward movement of warm air at the equator while the cold air near the poles sink to the surface.  The most simplified air pattern could thus be drawn as air moving upward at the equator and sinking to the surface at the polar region.  

The atmospheric air motion can be described according to the horizontal dimensions by three broad categories: macroscale, mesoscale, and microscale.

5.2
Macroscale Systems
Macroscale system refers to the largest scale pattern of meteorological parameters exemplified by global circulation.

5.3
Global Energy Budget
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5.4
Three-zone Model   

As discussed, tropical air arises from the equator as a result of its absorption of heat and gain in buoyancy.  The cold air is sucked in near the surface creating southward air flow near the surface.  As the upper air moving toward the polar regions, it is cooled by the emission of thermal radiation toward outer space.  A decrease in temperature of about 1 to 2 degrees per day caused a loss of buoyancy and the poleward movement subsides in the subtropics at about 30 North and South latitude.  Similarly, the equatorial bound surface air movement near the pole increases it buoyancy and begins to rise at about 60 North and South latitude.  The opposite direction of the air movement created by the two circulations generates additional zone to complete the global air circulation.   One notices that the circulation zones can be increased only in even number between the equator and the poles. 

5.5
Coriolis Force 

The Coriolis force is a force generated as a result of the earth rotation.  Unlike gravitational and centrifugal forces, which are independent of the motion of the body being acted upon, the Coriolis force acts at right angles to the motion of the body, is proportional to the velocity of the moving body, and is given by

Coriolis acceleration 
= Coriolis force on a body / Mass of the body

= 2 V  sin 
where,

V
= velocity of the moving body


= angular velocity of the earth, or the scalar magnitude of or((

= latitude

The direction of the Coriolis force is perpendicular to the plane formed by V and , which is defined by the cross product of V x .   The parameter f = 2  sin  is called the Coriolis parameter.

Mathematically, the Coriolis force and the wind can be expressed in Cartesian vectors:
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5.6
The Coriolis Force Caused by Earth Rotation   

The trajectory of a particle not subjected to any external forces during the movement from one point to another will remain a straight line.  However, if the movement occurs on the surface of a rotational body, although the trajectory remains a straight line in the eyes of an observer who is standing outside the rotational body, the trajectory described by an observer who is standing on the surface of the same rotational body will appear curved or lag behind the target location.  The deviation of the particle motion from a straight line fixed with respect to the rotating earth may be attributed to an apparent force, the Coriolis force.   The Coriolis force is one of the major forces determining the air movement in the upper atmosphere.  The Coriolis force acting on a particle can be described mathematically as

F 
= 2 (V x )                 (3)
where,

F
= the Coriolis force per unit mass 

V
= velocity of the moving body


= angular velocity of the earth

The Coriolis force is a force generated as a result of the earth rotation.  Unlike gravitational and centrifugal forces, which are independent of the motion of the body being acted upon, the Coriolis force acts at right angles to the motion of the body, is proportional to the velocity of the moving body, and is given by

Coriolis acceleration 
= Coriolis force on a body / Mass of the body

= 2 V  sin 
The direction of the Coriolis force is perpendicular to the plane formed by V and , which is defined by the cross product of V x .   The parameter f = 2  sin  is called the Coriolis parameter.

5.7
Air Masses
An air mass is a large body of air whose properties, particularly with reference to temperature and moisture content distribution, remain more or less homogeneous over horizontal distances of the order of thousands of kilometers.  In addition, the vertical temperature and moisture variations are approximately the same over its horizontal extent. 

5.8
Fronts
The interface or transition zone between two air masses of different density.  Typically, a front almost invariably separates air masses of different temperature.  A front is referred to as a cold front or a warm front indicating the direction the warmer or colder air mass.   Warm front moves slowly and normally does not cause any severe weather conditions.  Cold front, however, can move rapidly and cause severe weather.

5.9
Cyclones and Anticyclones
A vortex-like cyclonic circulation that produce inward spiral motion towards the region of lower pressure (around the center of low pressure).  The opposite cyclonic circulation from the region of higher pressure inside is called a anticyclone (around the center of high pressure).

5.10
Synoptic Systems (lower end of Macrosystem)
Scale between macroscale and mesoscale.
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5.11
Mesoscale Systems
Mesoscale systems are less than global-sized macroscale system and consist primarily of horizontal flow with only modest amounts of vertical motion.

5.12
Microscale Systems
Microscale systems are smaller area phenomena with extensive vertical flow.

5.13
Planetary Boundary Layer Flow

Air flows within 1,000 m of the ground that are under the strong influence of frictional force. 

5.14
Obstacle Wakes

Turbulences generated around the obstacles from the presences of obstacles.

6.
The Winds
Atmospheric air current or the wind is generated due to the effects of pressure gradient, earth rotation, and surface friction.  In the altitude above the planetary boundary, there are only two forces affecting the air movement, namely, the Coriolis force and the pressure gradient.  Balance between the two forces determines the wind direction above the planetary boundary.  The steady velocity for which a balance between the pressure gradient force and the Coriolis force alone obtained is called the geostrophic wind velocity.  Inside the planetary boundary, the friction force becomes significant in retarding the air flow.  The friction force always acts against the direction of motion while the Coriolis force always acts perpendicular to the motion.  The steady velocity within the planetary boundary is determined on a balance among the pressure gradient force, the Coriolis force, and the surface friction force. 

7.
The Atmospheric Hydrodynamics
The motion of an air parcel is determined by Newton’s second law, 

(F = ma, where m is the mass of air and a is the acceleration.  (F is the sum of all forces acting on the mass of the air parcel.  In the atmosphere, there are three major forces acting on an air mass.  These forces are the horizontal pressure gradient force, the Coriolis force caused by the earth rotation, and the frictional force caused by the earth surface.

7.1
The Horizontal Pressure Gradient Force   

The difference of hydrostatic pressure in the atmosphere causes a horizontal pressure gradient.  The difference in pressure in the atmosphere is caused by the uneven distribution of energy balance.  The horizontal pressure gradient is the driven force that initiates the horizontal motion of the air.  The horizontal pressure gradient will always force the air mass to move from high pressure region to low pressure region.  Typically, the pressure gradient force is represented as
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where,

p 
= Horizontal pressure force vector per unit mass;

dp/dn
= Horizontal pressure gradient vector per unit mass;


= Density of air; and

n
= the normal to some contour of constant horizontal pressure. 

7.2
The Friction Force Caused by the Earth Surface
The “no-slip” condition prevails near a solid boundary such as the surface of the earth.  This no-slip condition significantly retards fluid motion near the surface by way of Newton’s law of friction.  The friction decreases as the fluid moves away from the solid boundary (or the surface).

The fluid friction can be defined as 

 =  du/dy


(4)

where  
 =  frictional force per unit area;

 = fluid viscosity; and

du/dy = fluid velocity gradient.

The earth surface exerts upon the moving air a horizontal drag force.  This drag force eventually defines the direction and magnitude of the air motion in the boundary layer that is affected by this drag force.

8.
The Air Motion in the Upper Air
Farther away from the earth surface (outside the boundary layer affected by the surface drag), the friction due to the presence of the surface becomes negligible and the horizontal motion of air relative to the surface of the earth id determined by two forces, the horizontal pressure gradient force and the Coriolis force.  Based on the balance of the horizontal pressure gradient force and the Coriolis force, we can define the wind speed and wind direction at any latitude as a function of the prevailing pressure gradient force and the Coriolis force influencing the flow.  The layer that a balance between the pressure gradient force and the Coriolis force can be applied is called the geostrophic layer and the wind speed and direction defined by the balance is called the geostrophic wind.
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8.1
The Geostrophic Wind 

Let’s first select a Cartesian coordinate system to address the situation mathematically.  Let the axes be fixed in the Earth, with the x axis horizontal and extending to the east, the y axis horizontal and extending to the north, and the z axis normal to the Earth’s surface pointing toward the azimuth direction.  Using this coordinate system, the angular velocity  can be expressed as 

 =
  (cos j + sin k)


(5)
where, 


= the angular velocity of rotation of the Earth;

 
= the latitude of the Earth;

 
 j
= the unit vector in the y-direction; and

 k 
= the unit vector in the z-direction.

Thus, the Coriolis force can be expressed as Fc = -2 (  x V ) or Fc = 2 ( V x  ).  If we carry out the vector expression of Fc, we have 

 Fcx 
 = -2  (w cos - v sin)


 Fcy 
 = -2  u sin





 Fcz 
 =  2  u cos
where,

u,v, and w are the x, y, z-component of the velocity vector V, V = u i + v j + w k, respectively.


At high altitude, the velocity component in the z direction is normally negligible relative to the horizontal components u and v.  As we know from the balance between the Coriolis force and the pressure gradient force, the final trajectory of an air particle in the geostrophic layer will be pointing in a direction along the isobar (i.e., u along the x direction and v equals 0) or   

 -2  uG sin - (dp/dn) /  = 0


(7)
or



uG 
= (dp/dn) / (f), the Geostrophic wind 

where

f
= 2   sin, the Coriolis parameter 

Mathematical Expression of the Geostrophic Wind

Consider the Coriolis force and the pressure gradient are the only two forces in the upper atmosphere that govern the general circulation, by the continuity equation we have
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For incompressible fluid in a small control volume of air parcel, ρ = constant, and    
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The Navier-Stokes equation yields:
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where Fx, Fy, and Fz are the component forces for the Coriolis force. 
At an elevation high above the ground, vertical motion is basically negligible, i.e., w = 0, Also, if the wind is moving in the x-direction so that v equals 0, we have, for steady-state motion,
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Let f = 2 sin φ, the Coriolis Parameter, then

From the Continuity equation, δu/δx = 0 if v = w = 0.  In turn, δp/δx = 0 indicating that ug is perpendicular to the pressure gradient  δp/δy.  Indeed, the geostrophic wind vector must be parallel to the isobars with lower pressure to the left and higher pressure to the right in the north hemisphere.
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Furthermore, if the wind is moving in the y-direction so that u equals 0, we have, for steady-state motion
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Another way of finding the geostrophic wind is to revisit the Navier-Stokes equations and express it in a different form (etc. Arya, 1999; Holton, 1992) by expressing the partial derivatives in total derivatives:  
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At layers away from the ground, the atmospheric flow is unaccelerated (as a result of force balance between the pressure gradient and the Coriolis force) and inviscid (less air particles and less friction, an assumption), we can assume that the rate of change of an air parcel is constant (unaccelerated) along its path between the isobars.  Therefore,
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8.2
The Gradient Wind
If the isobar is curved, then a centrifugal force will also be acting on a particle.  The centrifugal force will be acting on an air particle in a direction normal to the isobar or the same as the horizontal pressure gradient.  Thus, movement of the particle will be determined from balance of the three forces - the horizontal pressure gradient force, the Coriolis force, and the centrifugal force.  The wind determined by the three-force balance is called the Gradient wind.

VGR f + V2GR /r  =   (dp/dn) / 
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“Buys-Ballot’s law”: If, in the Northern Hemisphere, a person stands with his back to the wind, the high pressure will be on his right and the low pressure will be on his left.  It is the reverse in the Southern Hemisphere. 

8.3
The Air Motion Within the Atmospheric Boundary
The geostrophic balance determines the wind direction at altitude above about 500 m.  At altitude below this level, the friction of the earth surface cannot be ignored.  The effect of the surface friction on air movement decreases as the height above ground increases.  The height  above ground where the drag is negligible is defined as the height of the atmospheric boundary layer.  This height varies from a few hundred meters to a thousand meters above ground.  Inside the atmospheric boundary layer, three forces determine the wind direction, namely, the horizontal pressure gradient, the Coriolis force, and the surface friction force.  The three forces must be in balance or the sum of the three forces must be zero to have a non-accelerating air parcel.  The wind direction is thus determined based on the balance of the three forces.  Unlike the gradient wind, the resultant steady-state wind velocity within the atmospheric boundary layer will cross the isobars with an angle .  The angle  decreases to zero at the gradient level and will reach its maximum value near the ground.

8.3.1.
The Ekman Spiral
As a result of the varying frictional effect in the atmospheric boundary layer, the wind direction changes as the height increases.  The wind direction changes as the altitude increases from the maximum angle o at the surface to zero at the gradient level while the wind speed increases from zero at the surface to the gradient wind speed at the gradient level.  The variation of wind direction with altitude is known as the Ekman spiral.  Chapter 16 of SP discusses the derivation of the Ekman spiral.

8.3.2.
The Thermal Wind
When there is a horizontal temperature gradient, the geostrophic wind would experience vertical shear.  The vector difference between the geostrophic winds at two levels is called the thermal wind.  Thus, thermal wind is actually a “wind shear”, or difference in wind velocity caused by elevation, rather than a “wind”
8.3.3.
The Logarithmic Velocity Profile

As discussed, the tangential shear stress, , in the fluid (in our case, the air) will vary with height in the lower atmosphere.  The variation of the shear stress determines the vertical structure of the horizontal mean wind speed.  
Consider the vertical gradient of the mean wind in a uniform, straight, parallel flow of air next to the ground, five parameters affecting the velocity gradient can be determined from a dimensional analysis.  The five parameters are: the velocity gradient (du/dy), the fluid density (), the elevation above the ground (z), the fluid viscosity (), and the surface shear stress ( o).  Two independent variables (i.e., 5 independent quantities - 3 fundamental dimensions) can be obtained from the famous -theorem.  The dimensional analysis identifies that 

f(du/dy  z/v* ,  zv* /) = 0




where,
v* 
 = the square root of the ratio of  o /; and


= the kinetic viscosity,  /.

The equation can be expanded as 

du/dy = v* /z g(zv* /),






where g is a general function to be determined. 

There is no way to determine what the g function should be.  However, the term zv* / appears to be dealing with phenomenon very close to the surface.  Very close to the surface, the vertical velocity structure must be governed by the molecular viscosity because the turbulence level close to the ground is expected to be non-existent and the air will be moving very slow approaching laminar flow condition.  Let’s follow the definition of Reynold’s number to define a Reynold’s number for the region very close to the surface since the term zv* / has exactly the form of Reynold’s number and the region is governed by the viscosity effect.  One notices that here we are taking the term ( o /)2 as a velocity knowing the term does not physically represent a velocity of any kind.

If we further assume that inside the region very close to the surface, the g function approaches a constant k (as the first simplified approach in any analysis dealing with an unknown function), we have

du/dy = v* /kz .




The above equation can be integrated with respect to u and y,

u = v* /k ln(z) + constant



where k is known as the von Karman constant with a value of 0.4. 

One notices that the equation does not satisfy the non-slip condition (or zero velocity at z = 0) unless the constant is defined to compensate the condition.  Let=s require that u = 0 at some distance zo above the ground.  The equation can now be expressed as
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Where

v* : the friction velocity

zo:  the roughness length, characteristics of various surface on the wind profile, and

k:  the von Karman constant, 0.4  

One notices that zo  is called the roughness length which physically defines a region very close to the surface and beneath which the wind is totally retarded with u = 0.

i)
One notices that the wind speed becomes zero at a height of zo instead of at z = 0, which is not consistent with the no-slip condition that we expect (or generally assume).  Therefore, sometimes zo is chosen so that u(z) = 0 at z = 0.  In a way, the above equation will have to be rewrite to:
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ii)
Sometimes it is noted from experiments that the zero-plane datum differs from that implied by the logarithmic law.  To compensate the difference, a zero-plane displacement, d , is introduced.

As a result of the new parameter, the logarithmic velocity profile becomes 
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We are normally more interested in the wind profile at some heights above the ground, therefore, slight difference in the description of the wind profile should not cause any confusion.

8.3.4.
Power-law Velocity Profile
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Where n is a value dependent on atmospheric stability.

9.
Temperature in the Lower Atmosphere
Temperature has a profound effect on the air movement in the lower atmosphere, particularly in the lowest 1,000 m, the atmospheric boundary layer (or planetary boundary layer).  As discussed before, the solar radiation provides the only energy for all activities on earth.  Various surface cover, vegetation, and topology create uneven solar absorption and reflection and result in the formation of different vertical temperature profiles.  The vertical temperature profiles dictate the vertical air movement and have an important effect on the atmospheric wind structure and turbulence.   To understand the effect of atmospheric temperature on air movement, the following terms should be first defined:

9.1.
The Equation of State   

The ideal gas equation states that

PV= nR*T




(9.1)
where 

P =  the pressure of the gas, atm;

 

V= volume of the gas, liter (L);

n = the number of moles of gas, mole;

R*= universal gas constant, 0.08206 atm L mol-1 K-1 ;

T = Kelvin temperature, K.

Nomenclature

In atmospheric science/meteorology, the only fluid of concern in the atmosphere is the air and the discussion is normally focused on a parcel of air or a patch of unit mass of air.  Therefore, many scientists prefer to discuss the physics based on a unit mass of air.  Arya and many meteorologists made their presentations using unit mass, which should not be confused with the presentation made by Seinfeld and others where the discussion is based on a parcel of air.  A couple of important relationships need to be addressed here.

The equation can be rearranged as 
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where m is the mass of the gas and M is the molecular weight of the gas.  

[image: image35.wmf]dT

dz

g

c

H

c

dw

dT

dT

dz

p

p

v

=

-

-

×

×

D

[image: image36.wmf]c

dT

H

dw

g

dz

p

v

×

=

-

×

-

×

D


where ( is the density of the gas and R is a gas constant for a specific gas, R = R*/M.  The 
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equation can be further arranged to be

 where V is the specific volume of the gas, i.e., volume per unit mass.  Many books will use the above equation to represent the ideal gas law since air is the only gas of concern and R* can be related to R.

9.2
The Hydrostatic Equation   

The pressure at any height in a fluid equals the weight of the fluid above that height or

dp/dz
= - g



(9.2)

where the negative sign indicates the direction of the pressure in the atmosphere referenced to a coordinate system locating on the earth surface with the positive z axis pointing toward the azimuth. In other words, we can state that the atmosphere pressure is produced by the weight of the overlying air. 

9.3
Variation of Pressure with Height in the Atmosphere   

From the hydrodynamic equation, the variation of pressure with height in the atmosphere can be expressed as:

dp(z)/dz
= - (z)g,

(9.3)

where the air density is a function of height and g is the gravitational acceleration.  In the mean time, the equation of state for air can be expressed as

(z)
=  p(z) / RT(z)





Recalling the ideal Gas law of  pV = n R*T





pV = (m/MW) R*T





p = (m/V)( ( R*/MW)( T = ((R(T, where R = R* /MW






In atmospheric thermodynamics, p = ((R(T is normally used.

Another expression is p = (1/V) (R(T, where V = 1/( and is called the specific volume.


i.e., 
dp(z)/p(z) = -g/RT(z) dz

(9.4)

If the temperature can be treated as a constant, then the above equation will yield an exponent solution for p

p = po exp(-z g / RT)


(9.5)

indicating that the pressure decreases with height approximately exponentially. 

9.4
The First Law of Thermodynamics   

The first law of thermodynamics states that change in internal energy of a system is the same as the sum of change in external heat and change in the work performed.  The first law of thermodynamics is often discussed for the total mass or for a unit mass of gas,

DU = dQ + dW   
applies to the total mass and

dU/m = dQ/m + dW/m  or 

du = dq + dw 

applies to a unit mass

where 

dU, du  =  change of internal energy

 

dQ, dq =  heat input across the boundary of the system,

dW, dw =  work done on the system.

Specific Heat for Ideal Gas    

cp = cv + R   or    cp = cv + R*/M   for unit mass, or

Cp = Cv + mR  or   Cp = Cv + mR*/M    or   Cp = Cv + nR*


(9.6)

where 

cp  =  specific heat at constant pressure per unit mass, J K-1 kg-1 ;

 

cv  = specific heat at constant volume per unit mass, J K-1 kg-1 ; 

Cp = specific heat at constant pressure for the system, J K-1;

Cv = specific heat at constant volume for the system, J K-1
9.5
The Adiabatic Process   

An adiabatic process is a process involving a thermodynamic change of state of a system in which there is no transfer of heat or mass across the boundaries of the system.  For many purposes, changes of state in the free atmosphere over period of two days or less are generally assumed to be adiabatic.  In the atmosphere, an air parcel moving up and down in vertical motions may not exchange any significant sensible heat with the environment and is said to follow an adiabatic process.  If an air parcel is being lifted up, its pressure will decrease in response to the surrounding environment.  Decrease in pressure consequently results in cooling of the air parcel.   

9.6
Relationship between Temperature and Pressure in the Atmosphere   

The first law of thermodynamic states that 

dU
= dQ + dW               (9.7)

If a parcel of air in the atmosphere is held constant and a small amount of heat is added, the temperature of the air parcel will increase by a small amount of dT.  The change of internal energy is then equal to:

dU
= cv dT


(9.8)

where, 
cv
= specific heat at constant volume

dT
= the amount of change in temperature

If the parcel of air is not restricted and is allowed to remain at an equilibrium constant pressure and expand in volume, as well as temperature in response to the addition of heat, by the first law of thermodynamics, we have

cv dT
= dQ + dW                   (9.9)  

Since there is no heat exchange between the air parcel and the environment (the adiabatic process) the heat input to the system dQ equals to 0.  Furthermore, the work done by the air parcel due to expansion will be

dW
= - pdV


(9.10)

where the minus sign indicates the direction of the work .  

Recalling the gas law, p =  RT , we can also write the equation into 

p V= RT 



(9.11)

where V is the specific volume or 1/.  With a little mathematical manipulation, we have

d(pV)
=
pdV + Vdp

(9.12)

From Equations 9.9, 9.10, 9.11, and 9.12, we have

cv dT
= 0 + -d(pV) + Vdp

but from Equation 9.1,  d(pV) = RdT, therefore, 

cv dT + RdT - Vdp = 0
or
(9.13)

cp dT - Vdp = 0


(9.14)

where cp= cv  + R and cp is the heat capacity at constant pressure. 

Equation 9.14 can be rearranged and integrated to be

 
cp dT - RT/p dp = 0

or
1/T dT = R/(pcp)dp


(9.15)

i.e.,
ln T/To = R/cp ln p/po
or
T/To = (p/po)R/cp


(9.16)

Equation 9.16 is known as the Poisson’s equation or the dry adiabatic equation.  For dry air,

R/cp = 0.288.

10.7
Relationship between Temperature and Altitude in the Atmosphere   

If we differentiate the hydrostatic equation with respect to the altitude and substitute it into Equation 12, we would have the following:

dp = - gdz, and

cp dT = - Vg dz
or
dT/dz = - Vg / cp

(9.17)

Recalling that V = 1/, we have

dT/dz = - g / cp





(9.18)

or 
dT/dz = - 0.0098 K/m = -1 K/ 100 m.

The value of g / cp is called the dry adiabatic lapse rate and is denoted by or = g / cp.

9.8
Adiabatic Lapse Rate   

If the air parcel contains water vapor, the heat capacity cp must be corrected.  If wv is the ratio of the mass of water vapor to the mass of dry air in a given volume of air, the corrected cp will be

 cp’ = (1- wv )cp, air +  wv cp, water vapor


(9.19)

Because the specific heat for water vapor is greater than that for dry air the decrease in temperature with respect to altitude will not as significant as that in dry air.  Moreover, if the air parcel contains water vapor, then the water vapor will gradually reach its saturation value as the air parcel moves upward and is being cooled by expansion.  If, at one point, the water vapor exceeds the saturation concentration and condensation occurs, then heat will be released and the process is no longer adiabatic.

If  Hv represents the latent heat of vaporization per gram of water, the release of this heat upon condensation would be 

dQ
=  Hv dwv 




(9.20)

where 
m 
= mass in the air parcel

dwv
= difference in the moisture content 

One notices that all the energy terms in this section represent energy per unit mass.  From Equations 6, 7, 8, and 18, ate the hydrostatic equation with respect to the altitude and substitute it into Equation 12, we would have the following

 
-  Hv dwv =  cp dT - V dp



(9.21)

or

- dT/dz =  g / cp’ + ( Hv /cp’) (dwv /dz)


(9.22)


9.8.1
Developing the Wet Adiabatic Lapse Rate

Let's work on a unit mass of air parcel.  The first law of thermodynamics yields 

du = dq + dw
Again, du is defined to be cv·dT and dq, this time, will be defined as dq‘= -H dwv, where the negative sign indicates the release of heat due to condensation of water vapor inside the air parcel and dwv indicates the change in vapor concentration in the air parcel.  The negative sign for the work indicates that the direction of work is in the opposite direction of the pressure.  
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Since dwv/dz is negative in the vertical direction, the right-hand side of the above equation will always greater than -g/cp.  Thus, the rate of cooling of a rising air parcel inside a cloud is less than that for dry air.  In addition, the quantity of water vapor in an air parcel is a strong function of the temperature.  As a result, the wet adiabatic lapse rate is not independent of the elevation z.

9.8.2.
Wet Adiabatic Lapse Rate with respect to dw/dT

The above equation expresses the rate of change of water vapor in terms of the altitude.  The rate of change of water vapor is actually better documented in terms of temperature.  As a result, it is desirable to express the rate of change of water vapor in terms of temperature.  It is quite easy to do this by differentiate w with respect to T:
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(Note: This is the same as Equation 2-18 in Arya's book.)

9.9
Potential Temperature   

Equation 9.16 describes the temperature variation with respect to altitude in the lower atmosphere. 

T/To = (p/po)R/cp


(9.23)

We know that the value of R/cp is 0.288.  If we set a reference pressure of p = 1000 mb, then the corresponding temperature T (let’s call it ) will be 

 = To (1,000/po)0.288


(9.24)

By this definition,  is called the potential temperature.  The potential temperature of a parcel of air at temperature To and pressure po is the temperature that would result if the parcel of air were brought adabatically from a pressure po to a pressure of 1,000 mb (at sea level).

Vertical Structure of the Atmospheric by Temperature
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Chemical Composition of the Atmosphere

Simplified scheme of Thermally Induced Circulation
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Simplified Model for Atmospheric Circulation
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Schematic Representation of the General Atmospheric Circulation
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